[1] Changes in eustatic sea level since the Last Glacial Maximum create a differential load across coastlines globally. The resulting plate bending in response to this load alters the state of stress within the lithosphere within a half flexural wavelength of the coast. We calculate the perturbation to the total stress tensor due to ocean loading in coastal regions. Our stress calculation is fully 3-D and makes use of a semianalytic model to efficiently calculate stresses within a thick elastic plate overlying a viscoelastic or fluid half-space. The 3-D stress perturbation is resolved into normal and shear stresses on plate boundary fault planes of known orientation so that Coulomb stress perturbations can be calculated. In the absence of complete paleoseismic indicators that span the time since the Last Glacial Maximum, we investigate the possibility that the seismic cycle of coastal plate boundary faults was affected by stress perturbations due to the change in sea level. Coulomb stress on onshore transform faults, such as the San Andreas and Alpine faults, is increased by up to 1-1.5 MPa, respectively, promoting failure primarily through a reduction in normal stress. These stress perturbations may perceptibly alter the seismic cycle of major plate boundary faults, but such effects are more likely to be observed on nearby secondary faults with a lower tectonic stress accumulation rate. In the specific instance of rapid sea level rise at the Black Sea, the seismic cycle of the nearby North Anatolian fault was likely significantly advanced.
Introduction
[2] Global mean (eustatic) sea level is temporally subject to many processes. The largest is the Milankovitch cycle whereby water mass is periodically transferred between the global ocean (high sea level) and solid ice buildup at the poles (low sea level). The Last Glacial Maximum (LGM) ended about 21 ka, and since that time, eustatic sea level has risen ∼120 m [Peltier, 2004; Peltier and Fairbanks, 2006] at a rate of up to 1.25 cm/yr, reaching its approximate current level 4 ka ( Figure 1 ). As sea level rose, the extra water acted as an additional vertical load to the ocean basins but not to the continents. In response to this uneven load, the lithosphere at all coastlines globally flexed about the edge of the load at the shoreline.
[3] Many previous studies have focused on the subsidence of ocean basins in response to sea level rise as a way of constraining rheologic models of earth structure [e.g., Lambeck and Chappell, 2001; Lambeck et al., 2002a; Peltier and Drummond, 2008] , but these analyses are not repeated here. Instead, this study focuses on the stresses induced in the near shore lithosphere as it flexes about coastlines globally. These flexure-induced stresses cause a perturbation to the total stress state in the lithosphere within half a flexural wavelength of the coast, both offshore and onshore ( Figure 2 ).
[4] It is possible that the change in the lithospheric stress state from ocean loading-induced flexure impacted the ongoing tectonic processes in coastal regions, particularly where the coastal region overlaps a plate boundary or other feature of geophysical interest. It is therefore the principal aim of this study to investigate the potential impact to plate boundary processes, particularly the shear faulting cycle, from the perturbing stress from sea level rise since the LGM. If we assume this stress perturbation is independent of other sources of stress in a region, we may make this determination by calculating the stress of a flexing thick plate resolved onto a particular fault plane.
[5] Estimates of fault slip rate from geologic and geodetic methods show consistent discrepancies [e.g., Bennett et al., 2004; Matmon et al., 2005] . Several studies have addressed this discrepancy by adjusting either the geologic or geodetic rate with the hope of reconciling the two numbers [e.g., Bennett et al., 2004; Hetland and Hager, 2006; Oskin et al., 2007] . Other studies, however, have suggested that the difference in the geologic and geodetic estimates of fault slip rate may be revealing subtle details of the long-term faulting process [e.g., Chery and Vernant, 2006; Dolan et al., 2007; Hampel and Hetzel, 2006; Hetzel and Hampel, 2005; Luttrell et al., 2007] . If the stress perturbations from ocean loading throughout the Milankovich cycle are large enough, they may influence the seismic cycle of coastal faults sufficiently that the slip rate and recurrence interval of earthquakes on those faults would be perceptibly altered. This would be an example of a physical process external to the seismic cycle affecting the faulting process. There are not currently many paleoseismic indicators that sufficiently span the time since the LGM in a way that would allow these predictions to be rigorously tested, though a few studies do offer some observations of long-term fault behavior [e.g., Rockwell et al., 2009] . We therefore present a model-based analysis of the stress changes ocean loading is likely to create and the impact such perturbations would have on observable paleoseismic indicators, so as to better understand the influence sea level rise may have on long-term plate boundary behavior.
[6] Several studies have addressed the response of the earth to surface loads of water that come and go over various time scales and investigated their role in seismic triggering. The seasonal response to meters of precipitation in Japan and the Himalayas alters stress by a few kilopascals and has been shown to affect seismicity rate [Bettinelli et al., 2008; Bollinger et al., 2007; Heki, 2001; Heki, 2003] . The filling of new reservoirs with tens of meters of water can trigger seismicity not only from the immediate elastic response but also from the temporal flow of pore fluids in the crust, which may perturb stress by a few tens of kilopascals for several years after filling [e.g., Gahalaut et al., 2007; Simpson et al., 1988] . In a few cases, hundreds of meters of water removed as entire lakes empty affect stresses both by altering the pore pressure in the crust and inducing flexure in the lithosphere. These changes alter stress by a few megapascals over thousands of years [Hampel and Hetzel, 2006; Hetzel and Hampel, 2005] or a few hundred kilopascals over hundreds of years [Luttrell et al., 2007] and can affect the slip rate of nearby faults. On the largest and longest scale, glacial rebound following the removal of kilometers of ice may alter stresses tens of megapascals for many thousand years following unloading and can reactivate seismicity on previously dormant faults [e.g., Grollimund and Zoback, 2000; Ivins et al., 2003; Johnston et al., 1998 ]. Additionally, there have been numerous investigations of regional subsidence and flexure associated with sea level rise that have not calculated the perturbing contribution to the stress state [e.g., Ivins et al., 2007; Kendall et al., 2003; Lambeck and Purcell, 2005] .
The load considered in this study acts over the same time period as polar ice cap melting, but it has smaller amplitude and is more widespread since the change in sea level is global. The largest flexure-induced stresses are present only within a flexural wavelength of the coastline, generally a few hundred kilometers. For this reason, our analysis more closely resembles the cases of local lake unloading than widespread glacial rebound.
[7] In the sections that follow, we develop the model used to calculate bending stress from ocean loading globally and the method of resolving this into Coulomb stress on a particular fault plane. We then more closely examine the stress predictions at two coastal transform boundaries (San Andreas fault and Alpine fault) and a near shore subduction boundary (Cascadia subduction zone). We also examine a special instance of ocean loading stress on a coastal transform in response to a very rapid sea level rise (North Anatolian fault). (a) Schematic of thick plate flexure about coastline due to an ocean load. Red and blue bars show direction of maximum (extension) and minimum (compression) principal stresses from flexure about coastline. The short black lines show the location of an onshore and offshore vertical fault as well as a near shore shallow dipping fault, and the dotted lines represent the surface trace of these faults. Ocean loading will perturb stress on an offshore or onshore (b) vertical strike-slip fault differently from a (c) shallow-dipping coastal dip-slip fault. For vertical strike-slip faults, the normal stress component is dominant. For a shallow dipping dip-slip fault, the shear stress component may also play a role.
Finally, we discuss the implications of our calculations for the understanding of long-term fault behavior.
Methods

Plate Bending Stress From Ocean Loading
[8] The stress perturbation from ocean loading is just one component of the total stress tensor in a region. In addition to the lithostatic stress that increases with depth and remains constant over time, a region is also subject to the broad tectonic stress that drives plate motions and changes over geologic timescales (10 6 years). The ocean loading component we calculate changes on the timescale of the Milankovitch cycles (10 4 −10 5 years). Local stresses associated with the earthquake cycle of a particular fault evolve over the timescale of the recurrence interval of that fault (10 2 −10 4 years). Because all of these sources of stress act over very different timescales, we can calculate their effects independently from one another and add them linearly to get the total stress s ij , as seen below
where r is the density, g is gravity, z is the vertical coordinate, I ij is the identity matrix, and t ij represents a stress deviation from the lithostatic state from various sources. We can therefore calculate the effect of stress change from ocean loading Dt ij ocean loading on the total stress Ds ij without needing to specify forms for the regional tectonic or local earthquake cycle stresses (hereafter, we shall refer to stress perturbation from ocean loading as Dt ij ). This is only possible because the ocean loading strains are small so we can assume a linear stress-strain relationship.
[9] We model stress perturbations from ocean loading by first calculating the full 3-D stress tensor from a vertical surface load in a thick elastic plate overlying a Maxwell viscoelastic half-space. The plate is both uniformly thick and uniformly strong. We make no assumptions about the orientations of the principal axes of the stress tensor, nor do we assume any of the six Cartesian stress components are zero, particularly t xz ≠ t yz ≠ 0. The calculations are done using a semianalytic Fourier model [Luttrell et al., 2007; Smith and Sandwell, 2004] such that vertical displacements and derivatives are calculated from analytic solutions and horizontal displacements and derivatives are calculated in the Fourier domain (see Appendix A for a summary of model details). This is equivalent to calculating the analytic Green's function response to a point load and then convolving that response with the true 2-D shape of the load. The semianalytic model is advantageous because use of the 2-D fast Fourier transform allows fast model calculations with true load geometry. However, the rheologic vertical stratification is necessarily simple to allow an analytic vertical solution. Also, the horizontal wavelength of the load distribution is numerically restricted to be less than the width of the grid used for computation. This model has previously been benchmarked against known analytic solutions [see Luttrell et al., 2007] .
[10] For the model input, we use a eustatic sea level curve since the LGM that takes into account multiple local data sets from around the world as well as a model of isostasy to account for changes in basin volume as the lithosphere flexes under the weight of the water (Figure 1 ) [Peltier, 2004; Peltier and Fairbanks, 2006] . The bathymetry of the seafloor is determined from the new SRTM30_PLUS global topography/bathymetry grid [Becker et al., 2009] , which is particularly accurate in shallow coastal areas (depth < 300m) where ship soundings are abundant. The true load geometry, therefore, is known exactly. This exact load shape is input into our model without simplification, accounting for the migration of the shoreline as sea level rises.
[11] As previously mentioned, the assumption that these stress components add linearly to the regional background state of stress (equation 1) allows us to study the stress perturbations induced by ocean loading without having to specify anything about the other sources of stress present in a region. We are primarily interested in the change in stress over time not the absolute stress state itself. Therefore, we generally take the initial stress to be that at the time of the LGM, though this choice is of course arbitrary and we could equally examine any time period of interest.
[12] For the elastic plate, we assume a Young's modulus of 70 GPa and a Poisson's ratio of 0.25. The only two model parameters to consider are the thickness of the elastically strong plate h and the viscosity of the underlying half-space h. However, because the eustatic sea level rise is so gradual, any time delay in the flexural response due to the viscous asthenosphere would be negligible for a viscosity of 10 20 Pa s or less (corresponding to a Maxwell relaxation time of about 200 years). The asthenosphere viscosity in a plate boundary region is typically less than 10 20 Pa s by as much as 2 orders of magnitude [e.g., James et al., 2000; Lambeck and Purcell, 2005] . In general, therefore, we examine the fully relaxed response, equivalent to an elastic plate over a fluid halfspace. (A special case of rapid ocean loading is treated in section 3.3.)
[13] The choice of plate thickness is important because h affects the flexural rigidity and flexural wavelength. Consequently, a thicker bending plate will affect a larger area around the coastline, whereas stresses in a thinner plate will be more localized. Global post-glacial rebound studies generally suggest a plate 65 km or thicker is appropriate for continents and a 50 km thick plate is appropriate for ocean basins [e.g., Lambeck and Chappell, 2001; Lambeck et al., 2002b] , but along tectonically active coastal margins, a thinner plate of 40 km or less may be more appropriate [e.g., James et al., 2000] . For the purposes of this study, we examine stress perturbations in a plate of intermediate thickness, h = 50 km, corresponding to a flexural wavelength about 500 km. The magnitude of the stress perturbations also depends on the depth of observation within the plate relative to the plate thickness (z/h), with larger bending stresses near the surface and smaller stresses closer to the center of the plate (see Appendix A). We choose an observation depth of 10 km, which is a typical seismogenic depth on the transform faults considered here and is approximately the depth of the base of the elastic zone of the Cascadia subduction zone [Fluck et al., 1997] .
[14] The extent to which a fault in a coastal region is affected by plate bending stresses from ocean loading depends not only on the thickness of the flexing plate, as mentioned above, but also on the shape of the coastline and the location of the boundary. We calculated the fully relaxed global stress perturbation in a 50 km thick plate due to 120 m of sea level rise, using the exact shape of the ocean basin without any simplification of the coastline. The maximum shear stress, (s 1 − s 3 )/2, where s 1 and s 3 are the maximum and minimum principal stresses, is shown in Figure 3 and gives an idea of the "size" of the stress perturbation, allowing a simple comparison of the effects of geography. The areas of greatest potential stress perturbation are within a few hundred kilometers of the coast, both on-and offshore [Kendall et al., 2003] , where an optimally oriented fault could experience a 1.2 MPa change in shear stress in addition to a pressure change of similar magnitude. Anywhere a tectonic plate boundary (shown as red lines) coincides with a coastline, there is the potential for the faults associated with that boundary to be influenced by the rise in sea level. Far offshore features like mid-ocean ridges and deep ocean subduction zones are unaffected by ocean loading (Figure 3b ) because the ocean load is uniform there and no bending stresses are induced. A coastal subduction zone may or may not be affected depending on its proximity to the coast. An onshore transform fault, however, such as the San Andreas, North Anatolian, or Alpine fault, is well positioned to experience large stress perturbations from ocean loading.
[15] Bending stresses from ocean loading are particularly pronounced in regions where the narrow strips of water or land have a width equal to about half the flexural wavelength. In these cases, the geometry of the load concentrates the stress of bending. This is the case at the Red Sea (Figure 3c ), where the 250 km width of the gulf happens to correspond to the half flexural wavelength of a 50 km thick plate, making the maximum shear stress there larger than it is a comparable distance offshore in the open ocean. This stress concentration is less pronounced, however, when a thinner plate is used to calculate bending stresses, which is likely more appropriate in a rifting zone. Similarly, stress on a narrow strip of land such as the islands of New Zealand or Japan may be as much as 50% larger than stress a comparable distance inland from a continental coastline if their width is similar to the half flexural wavelength (Figure 3d ). Again, however, this stress concentration phenomenon is sensitive to the choice of model plate thickness. Though the coastal stresses from ocean loading are present globally, we shall focus in this study on the San Andreas fault (SAF), Alpine fault, North Anatolian fault (NAF), and Cascadia subduction zone (CSZ) systems as 
Ocean Loading Stress on Plate Boundary Faults
[16] We use the above model to calculate the perturbation to the six components of the 3-D Cartesian stress tensor Dt ij . We interpret the 3-D change in stress by calculating differential Coulomb stress resolved on a fault plane of known orientation Dt c [e.g., King and Cocco, 2001; King et al., 1994] .
In this equation, m f is the effective coefficient of friction and Dt n and Dt s are the normal and shear stresses from the perturbing stress tensor Dt ij on a plane with normal vector n i , defined as in Fialko et al. [2005] as
where we use the standard summation notation, such that a variable with a single subscript i or j is a vector, a variable with two subscripts ij is a tensor, and a repeated index indicates summation over the spatial coordinates. Calculating normal stress requires only a choice of the normal to the plane n i , but calculating shear stress requires choosing both the orientation of the plane and the direction within the plane in which the shear stress is resolved t i . This will generally be the expected direction of slip on a fault so for the strike-slip SAF, t i is horizontal along strike, but for the oblique-thrust CSZ, t i dips in the direction of convergence 69°east of north [Demets et al., 1990; Demets et al., 1994] . A positive or negative change in Coulomb stress indicates that failure along that plane would be promoted or inhibited such that the timing of the subsequent rupture on that fault would be advanced or delayed. Normal stress is positive in extension and negative in compression, whereas the sense of stress indicated by positive and negative shear stress is context dependent. However, we choose the sign such that a positive change in either normal or shear stress always increases Coulomb stress and vice versa. It is worth noting that in regions where normal stress perturbation dominates, the effect on Coulomb stress will be mitigated by the coefficient of friction, but shear stress perturbations have a direct effect on Coulomb stress independent of the coefficient of friction.
[17] The sign and magnitude of the Coulomb stress perturbation on a fault is influenced both by the orientation and presumed sense of slip on that fault and the orientation of the principal stresses of the ocean loading perturbation Dt ij . The intermediate principal stress s 2 is generally parallel to the coast. Near the shoreline, the maximum (extension) and minimum (compression) principal stresses s 1 and s 3 are perpendicular to the coast and plunge roughly 45°away from and toward the ocean, respectively, in the top half of the plate (Figure 2a ). Farther onshore, the principal stresses rotate slightly toward the land, whereas farther offshore, they rotate slightly away from the land. Change in normal stress resolved on a vertical onshore fault is extensional because the maximum principal stress is more horizontal (Figure 2b , right). Conversely, normal stress on an offshore fault becomes more compressional (Figure 2b, left) . For a vertical strike-slip fault the change in shear stress is much smaller than the change in normal stress. For a shallow dip-slip fault, however, shear stress may be large enough to contribute to Coulomb stress perturbation (Figure 2c ). The sense of the change in shear stress will depend on the dip of the fault relative to the orientation of the principal stresses. Shear stress on a coastal fault dipping toward the land is perturbed in a normal shear sense as long as the dip of the fault is shallower than the dip of the compressional principal stress.
Results
Eustatic Ocean Loading at the San Andreas System
[18] The San Andreas fault system accommodates 40 mm/yr of right lateral slip, approximately 80% of the relative Pacific-North American plate motion [e.g., Demets et al., 1990; Fay and Humphreys, 2005] . The principal strand of the fault runs within 100 km of the coastline along most of its 500 km length. We calculate the stress change at 10 km depth within a 50 km thick plate in response to 120 m of sea level rise. Figure 4a shows the regional variations in normal stress resolved on a vertical fault plane striking 50°w est of north, the mean trend of the SAF and the various subparallel auxiliary faults that make up the plate boundary. As expected, the regional effect of ocean loading on vertical faults is extension (positive normal stress) onshore and compression (negative normal stress) offshore. These zones of perturbed stress have magnitudes up to 1.5 MPa and follow the coastline, coinciding with the flexural bulge onshore and flexural moat offshore. Stress on a vertical fault running along the shoreline would be perturbed very little by ocean loading. Offshore faults such as those in the borderland of southern California would experience normal compression due to sea level rise. On the basis of the location of the fault trace, the central and southern portions of the SAF would experience more normal extension than the northern SAF and some smaller faults like the Hayward, San Jacinto, and Elsinore faults could experience similar or greater stress perturbations.
[19] The SAF is not, of course, a single plane but rather has significant variation in strike and dip in the central and southern segments (Figure 4c ). It dips southwest in the central section, north of the "big bend," and dips northeast south of the "big bend" [Scheirer et al., 2007] . We calculate the normal, shear, and Coulomb stresses resolved on the main SAF strand applying equations (2-4), using the varying orientation and assuming a horizontal in-plane shear direction. Because the strike of the fault roughly follows the shape of the coastline, variations in the dip of the fault have greater influence on stress than variations in strike, decreasing the magnitude of the normal stress (Figure 4b ). Along the strikeslip SAF, normal stress is about 4 times larger than shear stress and is the dominant component of Coulomb stress. Assuming an effective coefficient of friction of m f = 0.6, Coulomb stress along the SAF is perturbed by 0.5-1 MPa, promoting failure.
[20] A Coulomb stress increase of 1 MPa during the time of eustatic sea level rise corresponds to a loading rate increase of 0.1 kPa/yr, a factor of 300 smaller than the tectonic loading rate of around 30 kPa/yr [Smith and Sandwell, 2003] . Over a 300 year seismic cycle, ocean loading would contribute about 30 kPa Coulomb stress. This very small increase in the loading rate on the main fault strand will not noticeably speed up the seismic cycle. However, a change in normal stress of 1 MPa or greater may noticeably weaken (strengthen) the coastal faults onshore (offshore) during times of high sea level relative to times of low sea level. This will be particularly noticeable if fault strength is generally low (10 MPa or less) and remains constant over many seismic cycles. We would expect to see onshore faults have a shorter recurrence interval in recent times than during the LGM, possibly observable on the main strand of the SAF but more likely on the various subparallel secondary faults in the region. Simultaneously, slip on offshore faults would be inhibited, making the recurrence interval longer in recent times relative to the LGM.
Eustatic Ocean Loading at the Alpine Fault System
[21] Most coastal regions of continents will behave similarly to the San Andreas region when bending in response to a rise in sea level. In areas where loading occurs on either a narrow strip of ocean or around a narrow strip of land of width comparable to half the flexural wavelength, however, the resulting bending stresses may be amplified due to the geometry of the load. One example of this is at the North and South islands of New Zealand, which are approximately 200 km wide. The region is tectonically complicated because the islands mark the transition between the Pacific plate subducted beneath the Australian plate in the north and the Australian plate subducted beneath the Pacific in the south. The 480 km long Alpine fault is the main expression of this plate boundary on the South Island, accommodating 27±5 mm/yr of dextral strike slip and 0-12 mm/yr of fault normal shortening, about 75% of the total Pacific-Australia plate motion predicted by global models [Norris and Cooper, 2001] .
[22] At the northern South Island, the Alpine fault splays into several subparallel faults in the Marlborough fault system, each accommodating some portion of the slip budget, the largest of which is the Hope fault, carrying 23 mm/yr of strike slip. Additionally as much as 4.1 mm/yr of strike slip may be accommodated on the Porters Pass fault, which runs parallel to the Alpine fault east of the Southern Alps and has produced several large (M > 7) earthquakes in the Holocene, though there have been no historic ruptures on this fault [Howard et al., 2005] . The orientation of these faults varies significantly along strike. At the far south, the Alpine fault is mostly a single steeply dipping segment and almost purely strike slip. In central South Island, the Alpine consists of many rightstepping segments, dipping ∼50°to the southeast, and has a large convergent component. Farther north, the faults of the Marlborough system are vertical and dextral [Robinson, 2004] .
[23] Figure 5a shows the regional variations in normal stress in response to 120 m sea level rise using the same model parameters as in the previous section and resolved on a vertical fault plane striking 55°east of north. In general, onshore regions experience an extensional perturbation to normal stress whereas offshore regions experience additional compression, just as in the previous section. The magnitude of the onshore perturbation, however, may be up to 2.4 MPa, which is 60% greater than the normal stress perturbation in the SAF region. This is due to the island being loaded on both sides and being the right width such that the bending effects from each coast overlap and add constructively. Along the trace of the Alpine fault (Figures 5b and 5c ), bending stress magnitude varies. In the southern South Island, the Alpine fault runs very near the coastline in the nodal region, such that the perturbation in normal stress on a steeply dipping fault is 1 MPa or less. In the central South Island, the fault has a shallower dip, which tends to decrease the normal stress perturbation, but the fault trace also runs inland, closer to the onshore flexural bulge. The normal stress perturbation in this section is therefore about 1.2 MPa. In the northern Marlborough faults region, change in normal stress is large both because the faults are located in the flexural bulge and because these faults are nearly vertical, such that normal stress is perturbed up to 2 MPa or more in this region.
[24] Assuming a coefficient of friction of m f = 0.6 and taking into account the shear stress effects due to changes in the strike of the fault relative to the strike of the coastline, Coulomb stress along the fault is perturbed by 0.5-1.0 MPa. This is similar to the Coulomb stress perturbation at the SAF, so again, we expect that this change will be insignificant compared to the tectonic loading rate. However, because the normal stresses are higher, particularly in the inland sections of the South Island, it is possible that the strength of the Marlborough faults and Porters Pass faults would be decreased during times of high sea level leading to increased seismic activity and perhaps average slip rate relative to times of low sea level.
Eustatic Ocean Loading at the Cascadia Subduction System
[25] A third type of coastal plate boundary geometry to consider is the case of a very shallow dipping subduction zone in which the seismogenic zone of the main fault may straddle both sides of the coastline. The Cascadia subduction zone in the Pacific Northwest forms the main boundary between the subducting Juan De Fuca plate and the overriding North America plate. The leading edge of subduction roughly follows the coastline about 100 km offshore, and the base of the locked zone is downdip at a depth around 10 km ( Figure 6 ) [Fluck et al., 1997; Wang et al., 2003] . Using the same parameters as in the previous sections, we calculate the fully relaxed stress change in response to 120 m of sea level rise and resolve normal stress onto a plane dipping 15°to the east and striking 5°west of north. Normal stress is perturbed by up to 0.6 MPa but in an opposite sense on different parts of the fault. On the shallow offshore portion, failure is inhibited by increased compression, whereas on the downdip extension of the fault beneath the continent failure is promoted by extension on the fault.
[26] The magnitude of normal stress perturbation along the CSZ is about half the magnitude of the perturbation along the SAF to the immediate south, principally because of the shallow dip of the fault. Note, however, that for a similar locking depth the area of a 15°dipping fault will be 3.8 times greater than the area of a vertical fault, so the change in integrated fault strength could be greater at a subduction zone than on a transform fault. The shear stress perturbation along the CSZ is larger than along the SAF, mostly because the sense of shear on the CSZ is thrust motion as opposed to strike slip, and tends to inhibit failure along the coastline. A smaller coefficient of friction in this region, m f = 0.4 [Goldfinger et al., 2008] , makes the Coulomb stress perturbation at 10 km depth near the shoreline about −0.4 MPa inhibiting failure, smaller than at either the SAF or Alpine fault and corresponding to a stress perturbation rate of −0.04 kPa/yr, much smaller than the tectonic loading rate. Because the fault zone straddles the coastline, the relative strengthening and weakening of different sections of the fault could possibly lead to a shift in the type of rupture on the CSZ. When sea level is high, the CSZ would preferably fail in deeper segments below the continent, whereas in times of low sea level, the CSZ would preferable rupture the shallower offshore portions of the fault zone.
Rapid Sea Level Rise at the Black Sea
[27] Thus far, we have considered stress perturbations from the steady and gradual increase of eustatic sea level since the LGM. There are, however, cases where water levels, either globally or locally, rose significantly faster than the global post-LGM average. In these instances, the more rapid loading may have had a greater impact on the seismic cycle of nearby faults. In particular, we consider the case of the inundation of the Black Sea, which may have impacted the seismic cycle of the nearby North Anatolian fault.
[28] At the LGM, the connection between the Black Sea and the global ocean was blocked. The subsequent water level of the sea was isolated from eustatic sea level rise until the two reconnected sometime around 10 ka before present. The exact timing and mechanism of reconnection are the subject of ongoing research, but it is generally agreed that shortly before marine reconnection, the level of the Black Sea was significantly low (−100 m). Following reconnection the water level rose ∼70 m to the level of the global ocean within a few years to a few hundred years [e.g., Chepalyga, 2007; Hiscott et al., 2007; Major et al., 2006; Ryan, 2007; Ryan et al., 1997] . Either way, loading at the Black Sea happened at least an order of magnitude faster than in the global ocean. The strikeslip North Anatolian fault (NAF) lies within 100 km of the southern coast of the Black Sea and is well located to be affected by the rapid water level rise (Figure 7a ).
[29] When calculating stresses from a more rapidly increasing load, the time evolution of the stress response becomes dependent more on the viscous relaxation rate of the asthenosphere rather than on the loading rate. Initially, we assume a thick elastic plate over a viscoelastic half-space with a shear modulus of m = 28 GPa and a Maxwell relaxation time t m = 2h/m of 50 years, corresponding to viscosity h = 2.2 × 10 19 Pa s. Full relaxation from the sudden Black Sea rise should be complete within 5 Maxwell times, or about 250 years, though eustatic sea level rise would continue to perturb stress at the NAF. Figure 7a shows the fully relaxed regional normal stress from 70 m of inundation calculated on a vertical plane striking east to west at 10 km depth within a 50 km thick elastic plate, and Figure 7b shows the normal, shear, and Coulomb stress perturbations along the NAF assuming a vertical plane with varying strike (Figure 7c ). The change in normal stress along the NAF is positive with a maximum magnitude of 0.8 MPa. Along most of the NAF, the shear stress contributions are relatively minor, so the maximum Coulomb stress perturbation is about 0.5 MPa promoting failure, assuming the coefficient of friction m f = 0.6. Offshore, the stress perturbations have the opposite sign but an even larger magnitude.
[30] When averaged over the full 5t m relaxation time, this suggests an additional Coulomb stress rate of 2 kPa/yr, more than an order of magnitude greater than the eustatic perturbation rate. A viscoelastic material, however, will respond even more rapidly soon after the load is emplaced and will retard with time. The immediate elastic response to the Black Sea filling increases Coulomb stress along the NAF by about 75 kPa. There is also much uncertainty in the appropriate half-space viscosity for this region. If h were larger, the rapid loading rate would be offset by the slower stress evolution, and the perturbation to Coulomb stress rate on the NAF would more resemble that of eustatic loading on the SAF. However, if h were smaller by a factor of 3, the Maxwell relaxation time would be reduced to about 17 years and the Coulomb stress rate on the NAF would increase by an average 7.2 kPa/yr following inundation. This is about a quarter of the tectonic loading rate. If this were the case, it would certainly impact the seismic cycle, especially immediately after loading, bringing the NAF significantly closer to failure.
[31] It is possible that soon after the Black Sea level rose, all portions of the NAF would have ruptured, regardless of where they had been in their seismic cycle. This could have initiated fault behavior similar to that seen today in which temporally close large earthquakes rupture nearly the entire span of the NAF within about a century [e.g., Hartleb et al., 2006] . Since the time of this water level rise, around 30 seismic cycles have elapsed, so the NAF synchronized rupture we see today is unlikely to be in continued response to the Black Sea increase. But if the paleoseismic record could be extended back to the time of the Black Sea filling, we should be able to clearly observe a marked difference in faulting behavior during the period after Black Sea level rise.
Discussion
[32] The ultimate way to test these predictions would be to compare them to a set of paleoseismic data that spanned the last glacial cycle. The paleoseismic observations would need to show either specific ruptures or mean recurrence interval with enough temporal resolution to be able to distinguish between activity at the LGM, activity in the early Holocene, and activity in the late Holocene. If a record was long enough, we would expect to see, e.g., an increase in onshore transform fault activity since the LGM. Unfortunately, complete data sets spanning this interval are largely unavailable. Some paleoseismic records at the SAF or NAF may go back a few thousand years [e.g., Fumal et al., 2002; Hartleb et al., 2006] , but these are unable to yield any information about the effect of changing sea level because this is still after the global oceans reached modern levels. In the Dead Sea region, a long paleoseismic record showing some earthquake clustering exists for the late Pleistocene [Marco et al., 1996] , but no data sets span the time since the LGM. Recent paleoseismic studies at the Manteigas-Bragança fault in northern Portugal identified a cluster of events 14.5−11 ka [Rockwell et al., 2009] . This sinistral fault lies 120 km inland and has a very low slip rate (<1 mm/yr), and the increase in activity coincides with the most rapid sea level rise. As such, these ruptures may have been promoted by the extra extensional stress provided by bending in response to the seawater load.
[33] Perhaps the most temporally consistent paleoseismic indicators come from some locations, such as at the CSZ, where a marine turbidite record may be used as a proxy for earthquake record [Goldfinger et al., 2003] . Because these rely on offshore sediment cores, they tend to be more complete and extend further back than paleoseismic records from trenching. The record from offshore Cascadia extends 9 ka, and it is tempting to look for an ocean loading signal in these data. In fact, Goldfinger et al. [2008; 2003] do calculate a different recurrence interval for the northern SAF and CSZ over the last 3ka (t r ∼ 215 years) versus the last 9ka (t r ∼ 260 year). If these differences were real, they would suggest that the seismic cycle at the northern SAF and CSZ sped up slightly as sea level rose, which would be consistent with our prediction that flexure in response to sea level rise promotes failure onshore. However, these observations are not robust and the authors themselves caution against drawing any conclusions about long-term fault behavior from this data set. Future paleoseismic studies may be able to either extend existing records to the late Pleistocene, or further establish records on very low-slip faults, thus providing a record that could better test for the influence of sea level rise on plate boundary behavior. For the time being, however, the question of "was ocean loading important" remains unclear.
[34] Instead, we focus on the question "could ocean loading have been important"? There are two ways to interpret the calculated change in Coulomb stress. If faults are weak, i.e., they consistently slip when accumulated shear stress reaches a low threshold value (∼10 MPa) [e.g., Zoback et al., 1987] , then either increasing or decreasing the normal stress on the fault by a megapascal or more through the process of ocean loading could be an important change that modulates fault behavior. As sea level rises and falls in response to the Milankovitch cycles, the normal stress on coastal faults will also vary cyclically, promoting onshore fault failure when ocean levels are high, inhibiting onshore fault failure when ocean levels are low and vice versa for offshore faults. Indeed, if a record of plate boundary activity spanning the Pleistocene were available, we would expect cyclically enhanced and muted failure of coastal faults following the oscillating ocean loading. If, however, faults are very strong or fault strength has little consistency beyond a few seismic cycles, variations in stress accumulation rate may be more important, in which case the few pascals per year difference will probably not noticeably alter the seismic cycle at plate boundary faults.
[35] In either case, because the ocean loading perturbation to normal stress is relatively uniform across the flexural bulge, we expect all the faults in a plate boundary region to experience roughly the same bending stress from ocean loading. Any perturbation to the seismic cycle would be more evident on a secondary fault structure with a low tectonic loading rate than on the principal strand of the plate boundary. Thus, in the San Andreas region, for example, we expect ocean loading to noticeably promote failure on the faults of the eastern California shear zone or the Los Angeles basin but to inhibit failure on the Garlock fault due to its orientation and sense of slip. It is also possible that coastal faults at passive continental margins could be influenced, or even reactivated, by ocean loading.
[36] We can extend the analysis of the SAF, Alpine fault, and CSZ presented here to infer the effect of sea level rise in other regions. In general, we expect seismic activity to increase onshore and decrease offshore. Particularly, we expect muted activity in regions where the ocean load is narrow, such as in the fledgling rift zones or other narrow gulfs, and enhanced activity in regions where the ocean load surrounds a narrow strip of land, such as at the Italian peninsula, the islands of Japan, or the isthmus of Central America. This amplification of the ocean loading effect depends upon the features having a width comparable to half the flexural wavelength of the bending plate and will therefore vary from region to region. At coastal subduction zones, we might anticipate a cyclic shift between deep and shallow activity following the variations in sea level. This effect ought to be particularly noticeable on the islands of Japan, which both override a subducting plate and are loaded by changes in sea level on multiple sides.
[37] The model calculations presented in this study are dependent upon the choice of some physical parameters. A thicker plate would result in more widespread stresses of smaller magnitude and vice versa. A more or less viscous half-space has ramifications for the temporal importance of the loading rate relative to the relaxation rate, as discussed in the previous section. We have assumed a half-space viscosity corresponds to a single relaxation time, regardless of the wavelength of the load. Such an assumption may be a simplification of the true physics involved in viscous relaxation, but it is appropriate in this case because the load primarily consists of a single wavelength, that of the flexural wavelength of the plate. We have also assumed the thick plate is a perfect elastic solid, corresponding to a Poisson's ratio of 0.25, but this number may be higher. We compared the model output for a Poisson's ratio of n = 0.25 and n = 0.5, corresponding to an incompressible elastic solid, and found that increasing the Poisson's ratio increases the magnitude of all the stresses by about 20%. Since the stress patterns produced also do not change, the overall effect of a variation in Poisson's ratio is small and would not alter the interpretation of the modeled stresses. The model presented here is particularly well suited for calculating stresses from relatively small, short wavelength loads, such that a flat earth approximation is valid and the physical processes involved can be acceptably characterized as linear. As such, it would be inadequate for investigation of broader loads such as postglacial rebound in the polar regions, where additional physics would be required.
[38] There have also been certain simplifications of loading processes in that while focusing on the loading of water mass accumulated in the oceans, we have neglected any mass unloading caused by ice melting that happens over the same time period. While the large scale continental ice sheets may be far enough removed from most active plate boundaries to affect the ocean loading process, there may have been considerable ice mass stored in mountain glaciers that existed in proximity to coastal plate boundaries. Had we included this additional source of onshore unloading, offshore compression and onshore extension would still be predicted for coastal regions, only the magnitude of onshore extension would increase by an amount related to the size and proximity of the glacier. In such a case, activity at onshore faults would be even greater at sea level highstands relative to the times of glacial maximum and an observable signal would be even more likely.
[39] Another implication of this study is a reemphasis that a seismic cycle can be modulated by factors external to it. The consistent discrepancies in fault slip estimates from geologic and geodetic methods may be reconcilable as the various estimation methods evolve and improve. However, persistent discrepancies may reveal actual temporal variation in instantaneous slip rate [Bennett, 2007] and thus subtle details of the long-term faulting process, including the transfer of plate boundary slip between different active fault strands. Stress perturbations from sea level rise and their effect on seismic cycles could be significant enough that a geologic estimate of slip rate estimated over this time period would be expected to differ from a modern geodetic slip rate. At onshore transform boundaries such as the SAF, Alpine Fault, or NAF, we would generally expect v geologic < v geodetic . Again, this ocean loading-induced slip rate discrepancy would be more pronounced on low-slip secondary faults than on principal plate boundary strands. When trying to understand long-term fault system behavior, we find it may be at least as important to consider stresses external to the system as to consider subtle seismic cycle stresses internal to the system. Particularly, we reemphasize the ability of climate systems to interact with tectonic systems.
Conclusions
[40] We have investigated the theoretical role of eustatic sea level changes in modulating the seismic cycle at coastal plate boundary systems. Sea level rise induces bending about coastlines globally, reducing the magnitude of normal stress so as to "unclamp" onshore faults and promote failure while altering normal stress on offshore faults so as to inhibit failure. A near shore transform fault will experience a 1−2 MPa change in normal stress over this time period, promoting failure onshore and inhibiting it offshore, corresponding to a change in Coulomb stress accumulation rate of ∼100 Pa/yr. This rate is about 100 times smaller that the tectonic loading rate on major plate boundaries and will therefore not alter the stress buildup on a fault. However, the total magnitude of normal stress change may perceptibly weaken or strengthen coastal faults, particularly if the background fault strength is low and remains constant over many seismic cycles, thus altering the quantity of tectonically accumulated stress required for the fault to rupture.
[41] For coastal transform faults, those onshore will be weaker during periods of high sea level (such as today) relative to periods of low sea level (such as during the LGM), corresponding to a more rapid seismic cycle. Offshore transform faults will be relatively stronger when sea level is high, with less activity relative to times of low sea level. It is possible that these nontectonic influences on the seismic cycle could be detected at major plate boundary faults such as the SAF or AFNZ. However, it is more likely that the influence of plate bending in response to ocean loading would be observable on secondary faults with a much lower tectonic loading rate. In locations where sea level rise was much faster than the global average, such as in the catastrophic flooding of the Black Sea, the same normal stress perturbation of up to 1 MPa develops over a much shorter period of time, determined by the relaxation time of the asthenosphere. Following this event, the Coulomb stress accumulation rate on the onshore North Anatolian Fault increased by as much as 2 kPa/yr for a few hundred years. This rapid decrease in fault strength would likely have encouraged all segments of the NAF to rupture soon after the load was emplaced, though it is unlikely that this pattern of rupture would persist over tens of seismic cycles to be related to the synchronicity of NAF ruptures observed today.
Appendix A
[42] We calculate the full 3-D stress tensor from a vertical surface load on a thick elastic plate overlying a Maxwell viscoelastic half-space. The model is semianalytic in that we convolve the response of a unit point load on a thick elastic plate overlying a viscoelastic half-space with the true load distribution in the Fourier domain. It is this delta function response that we now further derive.
[43] The 3-D problem is solved analytically in the vertical and time dimensions (z, t), whereas the solutions in the horizontal dimensions (x, y) are developed in the Fourier transform domain. This semianalytic method allows us to take full advantage of the convolution theorem and the numerical efficiency of the fast Fourier transform, while maintaining an arbitrarily complex surface load distribution. The disadvantage is that the rheology is restricted to stacked homogeneous layers.
[44] The original solution of the Boussinesq problem [Boussinesq, 1885] was for vertical tractions on a homogeneous elastic half-space. Steketee [1958] used this solution to balance the anomalous vertical tractions resulting from a force couple model. Smith and Sandwell [2004] followed these methods to develop a solution for vertical tractions on an elastic plate over a viscoelastic half-space, again using the solution to correct anomalous vertical tractions resulting from a force couple model. Luttrell et al. [2007] adapted this Boussinesq-like vertical traction calculation to calculate displacement and stress in the lithosphere near the southern San Andreas fault in response to the time varying load of Ancient Lake Cahuilla.
[45] We develop the solution in two parts (for further details of development and testing, see Smith and Sandwell [2004] ). First, we derive the solution for displacement and stress in a layered elastic half-space (homogeneous layer with Lamé parameters m 1 and l 1 over a homogeneous elastic halfspace with Lamé parameters m 2 and l 2 ). Second, we use the correspondence principle to simulate viscoelastic behavior in the lower half-space by allowing the effective shear modulus m 2 to vary with the time elapsed since loading t relative to the Maxwell time of the half-space t m .
A1. Normal Traction on a Layered Elastic Half-space
[46] Following the method of Steketee [1958] , we let displacement and stress be a function of the Galerkin vector potential G i ,
where a is a constant yet to be determined and stress t ij has been related to strain and displacement u i through an elastic constitutive equation with Lamé parameters l and m. Note that we use the standard summation notation, such that a variable with a single subscript is a vector, a variable with two subscripts is a tensor, a repeated index indicates summation over the spatial coordinates, and an index following a comma indicates differentiation with respect to that spatial coordinate. Because our point source is a purely normal traction on the free surface of a layered half-space, it turns out that we need only retain the third component of the Galerkin vector, such that G x = G y = 0 and G z = G, which we shall now call the Galerkin potential.
[47] The equilibrium equations for a body in the absence of internal body forces or acceleration are t ij,j = 0. When we write these as a funtion of Galerkin potential, we find that with a clever choice of a = (l + m)/(l + 2m), the Galerkin potential must satisfy the biharmonic equation r 4 G = 0. After taking the 2-D horizontal Fourier transform of this equation, the solution form is recognized as
is the horizontal wave number and (A, B, C, D) are coefficients to be determined by the boundary conditions. Our layered model consists of an elastic layer of thickness h (z positive up) over an elastic half-space, and the solution will require a Galerkin potential for each layer related to stress and displacement by the elastic moduli of that layer (G 1 , m 1 , l 1 , a 1 in the upper layer, G 2 , m 2 , l 2 , a 2 in the lower half-space).
[48] There are three boundary conditions that must be met for our layered elastic half-space: (1) a normal traction t applied is applied at the free surface and is partially balanced by a gravitational restoring force, but shear tractions must be zero
(2) all components of displacement and stress must be continuous across the boundary between the layer and the halfspace (note that we have shifted notation for displacement such that u x = U, u y = V, and u z = W)
(3) at infinite depth, all stress and displacement components must go to zero.
[49] The boundary conditions (A4-A6) can be rewritten in terms of the Galerkin potential (A1-A3) resulting in a set of equations with eight coefficients, (A 1 , B 1 , C 1 , D 1 ) and (A 2 , B 2 , C 2 , D 2 ). The third boundary condition is solved by ensuring B 2 = D 2 = 0, so we are left finally with six coefficients (A 1 , B 1 , C 1 , D 1 , A 2 , C 2 ) and six equations
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(Note that there is some redundancy in the algebra because we are describing a solution with cylindrical symmetry in a Cartesian coordinate system). We algebraically solve this system of equations using the computer algebra capabilities of MATLAB (see Smith and Sandwell [2004, Appendix A] for the solutions to the coefficients (A 1 , B 1 , C 1 , D 1 , A 2 , C 2 ) ). MATLAB also delivers C-code for the rather complicated algebraic forms that can be directly used in computation, although the code does need to be modified to ensure that there are no growing exponential functions to cause numerical problems. We can then use equations (A1-A3) to calculate stress and displacement as a function of k x , k y , z, and t applied (k x , k y ), the Fourier transform of the applied load, and inverse Fourier transform to get numerical solutions for the stress and displacement components in the space domain.
[50] Because the horizontal dimensions are solved in the Fourier domain, the horizontal boundary conditions require that stress and strain be periodic. We deal with this by tapering the edges of our flat earth grids to zero, thus ensuring periodicity in all directions. This means that we are restricted to examining features of interest of characteristic wavelength smaller than the length of the grid. For a typical regional grid of 2048 × 2048 elements at a grid spacing of 30 arc sec (∼1 km), this means we are limited to features with characteristic wavelength less than ∼1000 km. This resolution is sufficient since we are focused on the coastline transitions along a specific segment of a plate boundary.
A2. Including Time Dependence With a Maxwell Viscoelastic Model
[51] A viscoelastic Maxwell body is made up of an elastic element and a viscous element connected in series. Its constitutive equation is
where s and " are stress and strain, respectively; m and h are the shear modulus and viscosity, respectively, and the over dot indicates the time derivative. Making use of the correspondence principle, we take the Laplace transform of (A8) (where s is the Laplace domain variable) and solve for stress
If we let the effective shear modulus be
we can then write
which is in the same form as an elastic constitutive relation. Note that when we solve for an effective lower shear modulus m 2 , we must also solve for an effective Lamé parameter l 2 so that the bulk modulus of the half-space remains constant.
[52] We can analytically inverse Laplace transform (A10) and get 2 t ð Þ ¼ e So given a time since loading and a Maxwell relaxation time, we can compute the effective Lamé parameters of the lower half-space and then use those in the layered elastic solutions for stress and displacement.
A3. Model Benchmarks
[53] The end-member cases of this model have been benchmarked against known solutions. The elastic half-space end-member should match the analytic displacement solutions of Love [1929] , and the elastic plate over a fluid end member should approximate the numerical displacement and stress solutions for flexure of a thin elastic plate [Turcotte and Schubert, 2002] . The model has been found to be in good agreement with both sets of solutions [Luttrell et al., 2007; Smith and Sandwell, 2004] . Additionally, we present here contours of the fully relaxed stress components as a function of depth and distance perpendicular to a straight coastline, parallel to the y axis, which has been loaded on one side (x < 0) by 120 m of water ( Figure A1 ). All three components of normal stress are in compression underneath the load and in extension "onshore" in the top half of the plate, with stronger magnitudes near the surface, away from the nodal plane. The component of vertical shear stress perpendicular to the coastline is maximized in a narrow zone at the coastline and is stronger in the middle of the plate than at the surface. The maximum shear stress (s 1 − s 3 )/2, where s 1 and s 3 are the maximum and minimum principal stresses, reflects the patterns of the other stress components with high magnitudes near the surface offshore and onshore and high magnitudes at depth at the coastline. When computed for an elliptical discshaped load of the same dimensions, these stress components match those published in studies by Ivins et al. [2003] , Klemann and Wolf [1998] , and Johnston et al. [1998] , though we note the vertical normal stress t zz of those models corresponds to the vertical normal stress of our bending model with an additional stress due to the buoyancy of the deflected mantle, t zz + r m gW.
